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Abstract. Vertical heat fluxes induced by mesoscale thermally driven circulations may contribute
significantly to the subgrid-scale fluxes in large-scale models (e.g., general circulation models). How-
ever, they are not considered in these models yet. To gain insight into the importance and possible
parameterisation of the mesoscale flux associated with slope winds, an analytical (conceptual) model
is developed to describe the relationship between the mesoscale heat flux and atmospheric and land-
surface characteristics. The analytical model allows us to evaluate the mesoscale flux induced by
slope winds from only a few profile measurements within a domain. To validate the analytical model
the resulting heat flux profiles are compared to profiles of highly resolved wind and temperature
fields obtained by simulations with a mesoscale numerical model.

With no or moderate synoptic wind the mesoscale heat flux generated by the slope wind circula-
tion may be as large as, or even larger than, the turbulent fluxes at the same height. At altitudes lower
than the crest of the hills the mesoscale flux is always positive (upward). Generally it causes cooling
within the boundary layer and heating above. Despite the simplifications made to derive the analytical
model, it reproduces the profiles of the mesoscale flux quite well. According to the analytical model,
the mesoscale heat flux is governed by the temperature deviation at the slope surface, the depth of
the slope-wind layer, the large-scale lapse rate, and the wavelength of the topographical features.
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D large-scale domain
H,,, v mesoscale flux of sensible heat induced by slope winds in domain M
H,, ;. mesoscale heat flux by slope winds averaged over half the valley width

H, mean turbulent flux of sensible heat (—(Ky) %)
Ky eddy diffusivity for heat
Ky eddy diffusivity for momentum
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horizontal distance between valley axes and slope
Prandtl number

horizontal width of the slope wind layer
mesoscale domain

gravitational acceleration

thickness of the slope wind layer perpendicular to the slope
dynamical thickness of the slope wind layer
thermal thickness of the slope wind layer
measure for the depth of the slope wind layer
coordinate perpendicular to the slope

height of slope wind maximum above ground
number of valleys within a domain

coordinate parallel to the slope

horizontal wind component in x-direction
wind component parallel to the slope

measure for the maximum slope wind speed
vertical wind component

vertical coordinate

slope angle

vertical gradient of 6y,

topographical wavelength

scalar variable

potential temperature

potential temperature of the valley atmosphere
temperature disturbance induced by the slope
0*(n = 0), temperature disturbance at the surface of the slope
width of domain M

average over a large-scale domain

average over a domain of GCM-grid size
average over half the valley width

horizontal average over the slope wind layer
average over a mesoscale domain

mesoscale deviation of ¢

microscale deviation of ¢
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1. Introduction

Atmospheric general circulation models (GCMs) have become an important tool to
gain understanding of atmospheric processes and to forecast weather and climate.
However, the spatial resolution of these models is limited by the available memory
capacity and the required computing time. The latter is governed by the number of
gridpoints and the maximum timestep for the integration, which decreases with in-
creasing spatial resolution. Hence, the horizontal grid size of today’s global climate
models is about 200 km to 500 km (Cubasch, 1998), and that of global weather
prediction models 50 km to 100 km (Majewski et al., 2001).

As several gridpoints are required to reproduce a meteorological process, these
models simulate almost exclusively macroscale phenomena. Most mesoscale pro-
cesses and microscale features, such as turbulence, are not resolved. Thermally
induced circulations are primarily mesoscale subgrid processes and are not re-
solved appropriately in these models. These circulations arise from horizontal
differential heating caused, for example, by land-sea transitions, sloping terrain,
and differences in soil moisture or canopy. They can produce strong effects on the
height of the convective boundary layer (Schédler, 1990), the turbulence structure
and dispersion of trace gases within the boundary layer (Hadfield et al., 1992;
Fiedler and Borell, 2000) and turbulent heat fluxes (Avissar and Chen, 1993) as
well as the formation of clouds and precipitation (Anthes, 1994; Chen and Avissar,
1994). Theoretical and numerical investigations showed that these secondary circu-
lation systems are connected to mesoscale transports of momentum, heat and mass
that can be as large as, and larger than, turbulent fluxes, and can have a different
vertical distribution than the turbulent fluxes averaged over the scale of a GCM
grid increment (Pielke et al., 1991).

However, today’s GCMs incorporate only microscale turbulence and disorgan-
ized convection as parameterised subscale processes. In doing this, a horizontally
homogeneous surface is often presumed and parameterisation schemes based
on observations in homogeneous terrain are employed. Effects of subscale in-
homogeneities are mostly neglected. Some models allow for impacts of surface
inhomogeneities on turbulent fluxes by using, for example, the mosaic method
or effective land use and soil parameters (Fiedler and Panofsky, 1972; Baldauf,
1998). Since the accurate reproduction of atmospheric vertical transport of sensible
heat, water vapour, and momentum as well as of the exchange between the surface
and the atmosphere plays a crucial role in producing reliable model results, the
development of enhanced parameterisation schemes for microscale processes in
inhomogeneous terrain is an active area of current research.

Only in recent years have secondary circulations as subgrid processes and the
vertical transport associated with them been investigated. Even these investigations
have been confined almost exclusively to circulations driven by inhomogeneities
over flat terrain.
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However, nearly 70% of the earth’s land surface consist of hills or mountains
(Strobach, 1991) where horizontal differential heating takes place due to topo-
graphy. The wind systems closely linked to topographical features include, apart
from mountain valley winds, primarily slope winds.

Slope winds can be observed very frequently at all latitudes and in quite differ-
ent relief. Consequently, it can be supposed that slope winds are able to produce
a vertical heat flux that is significant not only locally but also on the long-term
average over a large area. Although numerous single studies exist on this phe-
nomenon (Atkinson, 1981; Egger, 1990; Whiteman, 1990; Barry, 1992; Noppel,
1999; Kossmann and Fiedler, 2000), there are few publications available dealing
with the mesoscale heat flux associated with slope winds, and none discuss the
impact of various parameters such as slope angle or atmospheric stability.

Therefore, this study aims to answer the following questions:

1. How large is the mesoscale heat flux caused by slope winds?

2. Which parameters affect this flux?
In the following sections the answers to these questions are obtained by conceptual
considerations and by numerical simulations with a mesoscale model. Section 2
explains briefly the role of slope winds. In Section 3, we consider how mesoscale
heat flux can be produced by slope wind circulations and develop a conceptual
model to evaluate these heat fluxes. In Section 4, vertical profiles of the meso-
scale heat flux are calculated using temperature and wind fields as simulated by
a mesoscale numerical model. By means of these profiles we determine how well
the conceptual model replicates the actual heat transport by slope winds. Finally,
Section 5 summarizes the results and presents some conclusions.

2. Slope Winds

We use the following definition of ‘slope wind’: A slope wind is the wind that res-
ults from differential heating of the air near the slope and the air at the same altitude
but farther away from the slope. The slope length is presumed to be several hundred
metres to some kilometres. Slope winds are part of a thermally direct circulation in
a vertical plane. Katabatic winds extending over a large area, like those occurring
on the ice shields of Greenland and the Antarctic, as well as weak small-scale
drainage flows, like those developing at hollows, will not be considered.

Figure 1 shows the conditions at a slope in a simplified form. A positive radi-
ation budget at the surface heats the atmosphere from below during daytime. The
air at the slope is warmer than the air in the valley. Due to buoyancy the warm
air rises up the slope and an upslope flow forms. Subsidence in the centre of the
valley follows from continuity. During nighttime, the temperature distribution and
the circulation are reversed (Atkinson, 1981; Whiteman, 1990).

The slope wind system can be described as the small-scale end of a spectrum
of thermally direct circulations that acts to transmit the sensible heat input along
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Figure 1. Schematic cross-section of a valley and slope-wind circulation during daytime. &, b: Height
and width of the slope-wind layer; «: slope angle; us: wind component parallel to the slope; L: valley
width; Oy, : potential temperature of the valley atmosphere, 6*: temperature disturbance induced by
the slope. It should be noticed that L and 6y, depend on z.

the slopes to the valley atmosphere (Vergeiner and Dreiseitl, 1987).The slope-wind
circulation causes the breakup of the nocturnal stable boundary layer to procede
in a different way than over flat terrain (Whiteman, 1982; Whiteman and McKee,
1982; Brehm, 1986; Freytag, 1987). Slope winds not only cause a redistribution
of sensible heat but also of water vapour and air pollutants having their sources
predominantly at the valley bottom (Barry, 1992; Kimura and Kuwagata, 1994;
Vogtlin et al., 1996; Kossmann, 1998; Vogel et al., 1999).

The significance of the slope-wind system can be made clear by considering
the resulting exchange of air and the heating due to compensating vertical motions.
Consider a linear, symmetrical valley (see Figure 1) with a width of 10 km at mid-
altitude of the ridges and a length L,. The mean height of the right and left margin
is assumed to be 800 m. From this a valley volume of V = L, x A, A = 8x10°m?
follows. On the slopes at both sides of the valley a slope-wind layer of 200 m
should have evolved with a mean slope wind speed of 1 ms~!. Hence, the total
volume flux at the two slopes amounts to vV = L. x 400m?s~!. This means that
in only 2x10%*s — about 5.5h — the total air volume of the valley is turned over
by the slope winds. If the flow is non-divergent in the along-valley direction, the
outflow of the slope winds will have to be compensated by a downward movement
in the valley atmosphere. At mid-altitude of the ridges, the air has to subside with
a velocity of about 0.04ms™~!. Assuming a typical vertical gradient of potential
temperature of 0.003 Km™! at this height, this subsidence produces a heating rate
of 12x107> Ks™! (0.432 Kh™!), merely due to vertical advection of temperature.
During the early morning this heating rate caused by subsidence may be supposed
to represent the mean conditions in the valley. To achieve the same mean temperat-
ure increase of the valley atmosphere via vertical turbulent heat flux convergence,
a source of turbulent heat flux at the valley bottom of more than 100 W m~2 would
be required.
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Figure 2. Heat transport by slope-wind circulation. (a) Situation at nighttime: Downward flow of
relatively cool air in the slope-wind layer, rising of warm air near the centre of the valley. (b) Daytime
situation: Upward flow of relatively warm air in the slope-wind layer, subsiding cold air near the
centre of the valley. In both cases, an upward net heat transport through the layer depicted by the
dashed line results.

3. Vertical Heat Transport Induced by Slope Winds

A large number of investigations have greatly extended our knowledge of the im-
pact of various parameters, such as stability of the valley atmosphere and slope
angle, on the slope wind. But the influence of these parameters on the mesocale
flux induced by the slope winds is still unknown. Therefore, this section begins
with some elementary thoughts on mesoscale fluxes and then continues to develop
a concept for evaluating mesoscale heat flux and its dependence on the shape of
orography and on atmospheric stratification.

Figure 2 depicts the situation during night and day in hilly terrain. At night the
slope and the adjacent air cool. The cool air moves down the slope within the slope
wind layer; in the valley atmosphere relatively warm air rises. During daytime
the situation is reversed; the temperature of the slope and of the slope-wind layer
increases strongly as insolation is converted to sensible heat flux at the ground. The
warm air in the slope-wind layer rises and the cooler air in the valley atmosphere
subsides. In both cases, heat is transferred upward through the layer depicted by
the dashed line, i.e., the slope-wind circulation induces a positive mesoscale heat
flux for both upslope wind and downslope wind.

3.1. BASIC PRINCIPLES

Within a mesoscale domain d a variable ¢ can be partitioned into a resolved part ¢
and a subgrid-scale turbulent part ¢”, giving

p=9¢+¢" (D
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Several domains d with a typical width of about 200 m to 2 km form a large-
scale domain D with a horizontal extent of about 20 km to 200 km. Consequently, a
mean variable at the mesoscale resolution (d) can be written as the sum of a meso-
scale perturbation ¢’ and a large-scale mean variable (¢) defined as the average
over the domain D

(9) = AD) A(D)E dA. (2)
Hence, we have

b= (p)+¢ 3)
and consequently

¢=(p)+9¢' +¢" )

By decomposing vertical velocity w and potential temperature 6 in this way, the
vertical kinematic heat flux can be expressed as

wh = (w)(0) + (w)0' + (w)0" + w'(0) + w'6’
+ w/e//+w//<9>_{_w//e/_{_w//e//‘ (5)

When averaged over d, noting that (¢p) = (¢), ¢’ = ¢', and ¢” = 0, terms three,
six, seven, and eight on the right-hand side vanish and we obtain

wh = (w)(0) + ()8’ + w'(8) + w'o’ + w"o". (6)
Further averaged over D, we obtain

(wh) = (w)(0) + (w'0’) + (w"6"), (7
where (w'0’) = (w'0’) and (w”0”) = (w”6"). If there are no other mesoscale
processes besides slope winds, the mesoscale flux induced by the slope wind, Hy,,,
is Hg,= (w'6’). However, to quantify (w’6’) high spatial resolution information
on the wind and temperature field in the domain is necessary. These data are,
unfortunately, not available in most cases.

Generally, two issues arise when studying heat transport by slope winds:

(A) The determination of Hj,, from profile measurements at a few sites within the
domain;

(B) the complexity of the slope wind system: various parameters and quantities
affect the system and most of them interact with each other, so that even by
mesoscale modelling the impact of single parameters may not be investigated.
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A solution for both problems is provided by the following concept.

3.2. NET HEAT TRANSPORT BY SLOPE-WIND CIRCULATION IN A VALLEY
AND A GRID ELEMENT

To determine the mesoscale temperature flux Hj, induced by a slope-wind cir-
culation averaged over a valley (Hy, 1), some simplifications can be made at the
outset. This includes the reduction of the dimensions of the problem by restricting
the considerations on a valley cross-section as depicted in Figure 1 and assuming
that variations along the valley’s longitudinal axis can be neglected. Conditions are
assumed to be symmetrical along this axis, so that it is sufficient to investigate only
one half of the valley.

We then partition @ into the potential temperature of the valley atmosphere, 6y,
which is not directly affected by the slope, and the disturbance impressed by the
slope, 6*

0 =6 +60"+06". ®)

The vertical velocity is written as w = (w) + w’ + w” = w + w”. Applying these
decompositions gives

wo = Wy, + wh* +wh” + w'ys + w'6* +w"e". 9)

When averaged over a mesoscale domain d, the third, fourth, and fifth terms of the
right-hand side of this equation cancel, giving

wh = Why, + wh* + w"6”, (10)

noting that Ova = Oy and 6* = 6*.
As before we further average over a large-scale domain D, which now equals
half the valley, giving

(WO), = (Whya) L + (WO*) L + (w"0") . (11)

Index L at the brackets indicates an average over half the valley width. This
average may be expressed as the weighted sum of the slope-wind layer average
(indicated by the subscript SWL) and the valley atmosphere average (indicated by
the subscript VA). Thus, for any quantity ¢

L—-b b
(D) = ——(D)va + —(D)swr, (12)
L L
where b is the horizontal width of the slope-wind layer at a specific altitude z, and
L is the horizontal distance between the valley’s longitudinal axis and the slope
surface at the same altitude (see Figure 1).
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Assuming horizontal homogeneity of 6y,, we have

(Whya)L = (w)6Ova, (13)
noting that (6y4) = 6y,, and thus from Equation (11)

L—-b — % b — % "o
(wh)p = (w)Oya + T(w9 Jva + z(wQ Yswr + (w07 . (14)

Noting that * = 0 within the valley atmosphere, we have (w6*)y, = 0. To obtain
the large-scale flux, 6y, in the first term on the right-hand side has to be replaced
by (6),. Using Equation (8), noting that (§”); = 0, and assuming horizontal
homogeneity of 6y, we have

b

Ova = () — (07) = (0)L — Z(0*>SWL (15)

and which reduces Equation (14) to

b b J— 1N/
(W) = (W)L () ——(w)L (O )swr + — (WO )swr + (w'0")L . (16)
large-scale turbulence
mesoscale

The first and last term on the right-hand side of this equation correspond to
the first and last term on the right-hand side of Equation (7). Consequently, the
mesoscale heat flux induced by the slope-wind circulation on half-a-valley width
is

b . b .
Hyy 1 = Z<w9 Yswr — —(w) (07 ) swi. (17)

L
In the two-dimensional case we have (w); = 0 due to conservation of mass, and
the second term on the right-hand side of Equation (17) vanishes.

If the topography in a large-scale domain M of width AX (for example a GCM
grid element) consists of a periodic sequence of ny identical valleys of wavelength
A = AX/ny, and if (w)p = 0, then the grid-element averaged heat flux by slope
winds is given by

nszva,L 2LH¥w,L 2b

Hyym = AX = X = T(we*)sm, (18)

where A is an external parameter, which has to be pre-set.

The mean over a large-scale domain, e.g., a grid element or a valley, can thus
be reduced to the mean over the slope-wind layer, and hence H;,, ; or Hy, » can
be determined from profile measurements. Consequently, issue A is solved.
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3.3. SUBSTITUTION OF (w6*)sw; BY MEANS OF A SLOPE-WIND MODEL

Equation (18) can be used to solve issue B, if we know the parameters that govern
the width b or the height 4 of the slope-wind layer, the temperature perturbation
6*, and the vertical wind w within the slope-wind layer. Several analytical slope-
wind models are now available that describe the relationship between wind speed
and temperature in the slope-wind layer and external parameters like atmospheric
stability and slope angle (Brehm, 1986; Noppel, 1999).

One of the most prominent slope-wind models is that by Prandtl (Prandtl, 1942;
Egger, 1990). Prandtl also decomposes potential temperature into 6y, and 6%,
which makes his model favourable for our purpose. The model provides 6* and
the velocity component parallel to the slope u; as a function of the perpendicular
distance from the slope 7.

Prandtl assumes stationarity, a horizontally homogeneous valley atmosphere, a
uniform, infinite slope, a motionless basic state, and constant diffusivities. u; and
6* follow from the equilibrium of buoyancy and friction, and from the equilibrium
of temperature advection and microscale heat flux divergence,

6*(n) = e cos (n/l) (19)
. K
Tn) = 6|22 in (/1) = die sin (n)1). (20)
Ovay Kum

Ky and K, are the eddy diffusivities for heat and momentum, « is the slope angle.
The vertical gradient of pot?ntial temperature in the valley atmosphere y = ‘ig;*‘,
is assumed to be constant. 6 is the temperature deviation at the ground, i.e., 8 =

~ A K . . .
0*n=0);u=0 9v§ , ZM is a measure for the maximum wind speed. The measure

for the depth of the slope-wind layer [ is given by

404 K Ky \
12<M) , 1)

gy sin’«
It should be noted that the model applies only for y > 0 and 0° < o < 90°.
Assuming a flow parallel to the slope within the slope-wind layer, w is given by
w = u,sina.

Other investigations have shown that the slope flow can indeed be regarded as
quasi stationary (Brehm, 1986) and that the advection due to changes in inclination
can be neglected (Haiden, 1990).

Defant (1949) showed that Prandtl’s solutions re-create observed profiles very
well if the diffusivity or the characteristic length [ are fixed appropriately. The same
conclusion is also drawn by Filliger et al. (1987). According to Ye et al. (1987) the
assumption of K, being constant throughout the slope-wind layer leads to a wind
maximum that is located too far from the ground, and that for rather shallow slopes
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(o = 0.6°) and slightly stable stratification the thickness of the slope-wind layer is
overestimated.

The applicability of Prandtl’s model for the conditions at a site at the edge of the
Black Forest in south-west Germany was examined by Noppel (1999) with the help
of tethered balloon soundings. As a rule, the height of the dynamic slope-wind layer
proved to be over-estimated. The same is true for maximum wind speed during
downslope flow. The differences between Prandtl’s model and the measurements
decrease with increasing stability of the valley atmosphere.

The vertical convective heat transfer within the slope-wind layer as calculated
from Prandtl’s profiles (Equations (19) and (20)) is

1 [".
(WO gwr = Zf Oi sina e > sin (n/1) cos (n/1)dn
0

_ 104 sin YT

= {—e (sin (2h/1) + cos 2h/1)) + 1}, (22)
where &, the height of the slope-wind layer, is not clearly defined. Generally
two slope-layer depths can be distinguished: the dynamical thickness /4, and the
thermal thickness hgy. h, equals the value of n where u; becomes zero and from
Equation (20) we have

h, =ml. (23)

hy is the height where 6* becomes zero, and results from Equation (19)

wl
hg = ER (24)
Using h, for h in Equation (22) we obtain
i sina 64 sin
WO ) s = l—e )~ 25
(Wo™)swi. o (1—e7) - (25)
Inserting Ay instead leads to
i sina i sina
wo* = l1—e™™)~ 0.96. 26
(Wo™)swi. o (1—e) 1 (26)
Inserting Equation (25) in Equation (18), and noting that b = Siﬁa = ’a , we find
that
oal 62 g
va,M = = (27)

H_H ]/QVAP}”

where the Prandtl number Pr = Ilg—g is used.
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If [ is unknown, it can be estimated in different ways. According to Prandtl’s
model, [ may be expressed as [ = %, [ = 2%, orl = 4”"‘%, where 7. 1S the
height where u; reaches its maximum. One shortcoming of Prandtl’s model is the
estimation of 4, (Ye et al., 1987; Noppel, 1999). Due to this, the last two options
are preferred. Using hy for h instead of £, leads to an additional factor of 0.96 on
the right-hand side of Equation (27).

According to Equation (27), the mesoscale heat flux by slope winds within a
GCM grid element Hj,, s is determined by the temperature deficit or surplus at the
slope 6, the height of the slope-wind layer [/, the vertical temperature gradient in
the valley atmosphere y, and the topographical wavelength A. Other topographical
parameters like valley width or slope angle do not appear in this relation, but they
may affect /, 6,and y.

Thus, issues A and B are solved, and the second of the objectives is attained.
However, we have not yet shown, (a) if the concept as a whole is able to replicate
reality despite all the simplifying assumptions, and (b) how much heat is actually
transferred.

Noppel (1999) provided profiles of 6* and u, from measurements at the western
slope of the Black Forest in south-west Germany, and from these the horizontally
averaged vertical heat flux in the adjoining Rhine valley can be calculated from
Equation (17). At a height of 500 m above the valley bottom, and at a slope angle
of 7.5°, a mean value of about 0.01 Kms™'is determined for Hg, 1, with a max-
imum of more than 0.02 Kms~!, which corresponds to about 24 W m~2. A rough
estimation of the turbulent flux at the same height suggests that the contribution of
the slope-wind circulation to the total vertical transport of sensible heat is about
20% to 50% of that of the absolute mean turbulent flux at the same height during
daytime. During nighttime the mesoscale flux may be even larger than the mean
turbulent flux.

The daily variation of Hy, ; derived from the measured profiles was com-
pared with the one obtained by calculating (w8*)sy, with the help of Prandtl’s
model. Generally a good agreement results despite the nighttime values obtained
by Prandtl’s model being a little too high.

With the help of the measurements it can be shown that by inserting Prandtl’s
profiles the term %(w@*) swr in Equation (17) can be determined. However, by
means of measurements it is not possible to examine if the total concept is realistic.
For that purpose it is necessary to determine if Equation (27) can replicate the
actual net heat transport by the slope-wind circulation. For this, two- and three-
dimensional high spatial and temporal resolution simulations were performed with
the KAMM (Karlsruher Atmospheric Mesoscale Model) numerical model.
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4. Results of Numerical Simulations

KAMM is a non-hydrostatic mesoscale numerical model. It consists of atmospheric
and soil vegetation sub-models describing the interaction between soil, canopy and
the overlying air, which are coupled by mass continuity and the surface energy
balance. For a detailed description of the model see Dorwarth (1986), Schédler
(1990), Adrian and Fiedler (1991), and Lenz (1996).

KAMM uses terrain following coordinates where the vertical grid size decreases
from the top to the bottom of the model domain. A first-order closure is used for
the turbulent fluxes, and the eddy diffusivities are derived using a mixing length as
defined according to Blackadar (1962) and Fiedler and Panofsky (1972).

Seven model runs were carried out with an idealized, two-dimensional to-
pography. In four simulations, the topography was changed from that of the
reference run (see Figure 3). In one simulation, land use was changed from grass
to forest, and in a further case, the initial background wind speed was changed
from Oms~!'to 2ms~!. The input parameters for KAMM and the different
topographical characteristics are summarized in Tables I and II.

TABLE I

External parameters used in the numerical experiments.

Day of year 250 (7 Sept.)
Time of initialization 2000 LST
Latitude 49°

Number of gridpoints in x-direction (east—west) 251

Number of gridpoints in vertical direction 85

Height of model domain 3600 m
Horizontal grid size 300m
Vertical grid size at the bottom ~1.4m

Soil class Sandy loam

4.1. HEAT FLUX FROM MESOCALE COVARIANCE

The mesoscale model yields values for w and 6. The mesoscale disturbances, w’
and 0’, were calculated from the simulated fields by

w' =W — (w)um, 0'=6—(0)u, (28)
where (w)y = (W) and (0)y = (O) .

KAMM uses terrain following coordinates, but a GCM does not resolve the
mesoscale topographic features. Thus, the spatial averaging ( ), and the evalu-
ation of the mesoscale fluxes were performed on horizontal planes. Hence, the
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Figure 3. Topographies used for the simulations. The vertical dashed lines depict the left (western)
and right (eastern) border of the domain over which the horizontal averaging was calculated.
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TABLE I

Values of the parameters varied for the simulations: Slope angle, o, valley width at mid-height of the
valley BT, topographical wavelength, A, land use, and initial background wind speed u .

Simulation a(®) By (km) A (km) Land use ug (ms~1)
R(eference) 7.6 27.3 37.2 grass 0.0
A 7.6 21.3 37.2 grass 0.0
B 7.6 8.7 18.6 grass 0.0
C 3.8 21.3 37.2 grass 0.0
D 14.9 27.3 37.2 grass 0.0
E 7.6 27.3 37.2 forest 0.0
F 7.6 27.3 37.2 grass 2.0

simulated temperature and wind velocity had to be interpolated to the horizontal
planes. Within the valley atmosphere, this was done by vertical linear interpolation.
In the slope-wind layer 6 and w were interpolated parallel to the slope. Then the
mesoscale flux was evaluated by Hy,, p = (w'0') .

Profiles of (w'8’),, at different times (0400 LST and 1300 LST) are presen-
ted in Figure 4. In both cases (w’6’),, vanishes at the valley bottom and at crest
height (800 m). During nighttime the mesoscale heat flux depicts a maximum of
0.003 Kms~! at an altitude of 100 m. Above a secondary maximum, it decreases
linearly with height. During daytime the maximum is significantly higher up to
about 400 m and reaches a value of about 0.02 K m s~!. Above the crests a second
maximum OcCcurs.

Changing the topography has little effect on the general shape of the profiles
(Figures 5 and 6) and the impact on the absolute values is small as well. Setting
the land use to ‘forest’ (simulation E) instead of ‘grass’ leads to a lower albedo
and, due to higher roughness, to a stronger turbulent exchange between surface
and atmosphere (Figure 8). This and the resulting higher thickness of the slope-
wind layer are the main reasons for the mesoscale flux being much larger in the
case of forest. Nevertheless, the shape of the profiles still remains similar.

Figures 4 to 6 also show the strong impact of the mesoscale lapse rate y =
on (w'@’). During daytime the maximum of (w’6’) is always found near the upper
edge of the boundary layer. As can be seen in Figure 7 this means that just where the
mean turbulent heat flux, Hy,, determined from (K ), and y, is rather weak the
mesoscale flux is strong. Figure 7 also shows that during nighttime the mesoscale
flux is much stronger than the turbulent flux and is of opposite sign. As a con-
sequence the total heat flux (turbulent plus mesoscale) is countergradient. During
daytime the mesoscale and turbulent fluxes are both positive within the boundary
layer, but Hy, decreases with height while (w’6’) increases. In the reference run

°0)
9z



88 HEIKE NOPPEL AND FRANZ FIEDLER

1200 —TT T Ty T 1200 RIS R R
| S i B I3 |
- L
1000f ----"(Ry 0400 1000} (R) 1300
i Mmoo 1 - A o
800 P etaaial - 5 BOOF " = ~"=anu -
E 5 " i E 5 :1 |
' v |
£ 600p H - £ 600 ] -
L L
™ I H T ~N i . T )
400 | 1V . 400+ -
\ Z = -
L H S 4 L =, = 4
200pF |0 ememmsE - 200 ”~ -
L o J L 4 4
0 B L J-—I---]--I--I.--I--l-- ol il NS NEWEE FEE
0.00 0.01 0.02 0.00 001 002 003 0.04
H in Kms™ ', % in Km™' H in Kms™ ', % in Km™'
—_— W m——— Model v

Figure 4. Profiles of mesoscale flux (w’@’) for the reference simulation (R) at 0400 and 1300 LST
as computed from the covariances of the KAMM model results. The model-determined lapse rate is
also shown, along with an alternate calculation of the mesoscale fluxes with the conceptual model
(‘Model’).

Hy, 1s nearly constant between 400 m and 700 m while the mesoscale and thus the
total flux decreases and as a result heats the air above the boundary layer.

For a better assessment of the importance of (w’'68’),,, Table III provides the
mesoscale and mean turbulent heat flux, Hy,,, as well as the temperature increase or
decrease resulting from mesoscale and turbulent flux divergence determined from
centred differences at different heights and times.

Compared to the sensible heat flux at the ground (Figure 8) the mesoscale heat
flux induced by the slope-wind circulation seems rather small, but especially at
night and higher above the valley bottom it cannot be neglected as compared to
the turbulent flux. At night the mesoscale component contributes much more to
the stabilization of the valley atmosphere than turbulence. During daytime the
mesoscale transport counteracts the heating of the boundary layer while it causes
heating above, and thus slows boundary-layer growth.

4.2. MESOSCALE HEAT FLUX FROM THE CONCEPTUAL MODEL

To evaluate the mesoscale heat flux Hj,, » from the conceptual model, i.e., Equa-
tion (27), the following quantities have to be determined from KAMM simulations:
the temperature deviation at the ground 6, the vertical temperature gradient within
the valley atmosphere y, the temperature of the valley atmosphere 6y, and the
characteristic slope-wind layer depth /. The topographical wavelength A is 18.6 km
for simulation B and 37.2 km for all others. The Prandtl Number is set to Pr = 1.

The valley atmosphere temperature is approximated by the mean temperature,
ie., Byy =~ (0), and y is estimated by y = %.To calculate @ at the horizontal
plane where the averaging is done the air temperature at the ground interpolated



in

in

MESOSCALE HEAT TRANSPORT BY SLOPE WINDS

1200

1000

800}

600

1200

1000

BOOD

600

400

200

1200

1000

800

1200

Figure 5. Same as Figure 4 for simulations A to C.

T T T T T T: T T L — "= [ L B L B I
)
- . L X .
"--‘tﬁj 0400 - 1000 ‘a 00 -
] Coabeo 1
800"~ SIIIIIiIrrsssssed
_ T _
- c 600K l{ -1
. n .
- 400 -1
. =" .
I
-1 200 ’ -1
iy el e e i N RN A
0.01 0.02 0.00 001 002 003 004
',y in Km' H in Kms ', % in Km '
T T T T l T T T T 1200 Tl T T T TTT l LELELELS l LI
*
O' T B
_.--€8Y 0400 1oook | ¢ ) 1300
0
Sea. 1 o ‘l' 1
e L LS XY F e sl
Tt e D e BOOF = == = ~ s .
7 = ] E | ) J
! ry
: . © 600F Vs .
I : 7 ™~ B : l T
] . — 400 ’ -1
1 ) ,' ~
] ‘\‘ 1 - ~ e
* - 200 /! -1
- - : 7
- - —— 1
TR T TR SN N TR N AT
0.00 0.0 0.02 0.00 001 002 003 004
in Kms™ ", 7 in Km H in Kms™ ', % in Km
T T T T T 7T T 1200 T
- r
L . - K .
L--=={C) 0400 ] mm( ) () 1300
‘ ] . .
.- .
Ly - 800~ Ty ... .
% i L A i
[ " ]
i E < eooF |} ) -
1 ] .
L -1 ~ - LY /! h
' - 400 | s -
~ . L o[ -
. L '
L '
e - 200 | J .
e LY - “! o s
TR R T R T T G‘llﬁ"l’llllll'l]ll'llll
0.01 0.02 0.00 001 002 0.03 004
in Kms™', ¥ in Km™' H in Kms™ ', % in Km™'
—_— e ———— Model sy

&9



90

HEIKE NOPPEL AND FRANZ FIEDLER

1200 T 1200y rpT T
L - - -
Y B ¢
1000f _.=--{D)70400 ] 1000} (D) 1300 |
]
I ! ] | B
B00f== -_"":‘-'_'-::'-'-:'_'-"M BOOF T == smm e, -
| =79 ] E | X-°" i
] R
600} H e £ 600 2 B
L 4 . - o u
H N 4 7
400 : ] - 400 ' -
N ] L < = o
200 |1 - 200F 3 =3 -
ra -
L . - - 4
Pl el ke ni e Toole®
0.00 0.01 0.02 0.00 001 0.02 0.03 0.04
H in Kms™ ', % in Km™' H in Kms™ ', 9 in Km™'
1200 — T 1200y P
I o ] L y i
1000 L-=-"(EJ 0400 _ 1000 i (E) 1100 _
v | I -
-'L"
BOO 8OO S -
L h } 4
600 £ 600F L -
- - .
N i . -T2
400 400p | C S
200 zoof /' P -
o - o
o -
BN Ll EEEEE R RN
0.00 001 002 003 0.04
H in Kms™ ', 7 in Km™'
1200 1200 T T TT T T T
L
1000 1000} ! (F) 1300 _
- | 4
800! BOOF"“F=loe -
| r i
1]
600 £ 600F |, The— -
[ i 3 ]
400 400f ! -
L ‘; 4
200 200 '.' P -
i 'l -
N T TR N REEEE FR R
0.00 001 002 0.03 0.04
H in Kms™ ', ¥ in Km
(w'a'y ————— Model ~ eeeseseeeees ¥

Figure 6. Same as Figure 4 for simulations D to F.
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Figure 7. Profiles of mesoscale flux (w’#’) and mean turbulent flux Hy,; for simulations R and E at
0400 and 1000 LST.

parallel to slope and the deviation from 6y, are calculated. Because insolation is
different at the western and eastern slopes during daytime different values for 6
are obtained. To calculate Hy,, 5 the average 6 was used. Figure 8 shows profiles
of By, and 6 for model runs R and E along with the profile of the diffusivity K
near the slope. During nighttime there is a significant correlation between 6y, and
6 showing the influence of the conditions within the boundary layer on those in the
slope-wind layer and vice versa. During daytime 6 increases with height within the
boundary layer and is constant above. Consequently the shape of the profiles of the
mesoscale heat flux may partly be attributed to the profiles of 6.

The simulated wind velocity fields showed that the height of the wind maximum
above the ground n.,, is very consistent. Therefore, n,,x, given in Table IV, was
used to calculate Hj, p, substituting / from /| = %nmax. The fact that n,,, is
constant with height and much higher for grass than for forest agrees well with
the profiles of Ky near the slope (Figure 8).
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TABLE III

Mesoscale, (w'6’)y, and turbulent heat flux, Hyyr, as well as valley atmosphere heating
(cooling) rate 060y, /0t resulting from flux divergences at different times of the day and
different altitudes above the valley bottom.

LST height (w/9/>M Hyur (00yA/0t)meso  (30ya/0t)tur
(m) 103Kms™!) (103Kms~!) &®hnh (Kh™h
600 1.33 —0.03 0.02 —0.00
0400 400 1.96 —0.11 0.01 —0.00
200 1.86 —0.60 —0.09 —0.01
600 0.43 —0.30 0.01 0.01
0700 400 0.76 —0.19 0.00 0.00
200 1.16 —0.48 —0.02 0.00
600 0.09 —532 0.06 0.01
1000 400 4.44 —5.55 0.14 —0.08
200 6.10 11.22 —0.25 2.08
600 4.80 —34.3 0.15 —0.36
1300 400 18.62 —18.78 —0.00 2.15
200 6.02 46.36 —0.27 4.27

Figures 4 to 6 show that during daytime the stratification is often neutral or
unstable in the lower part of the valley atmosphere. According to Equation (27)
Hoy oy ~ y~1/2is valid, where y is assumed positive. The simulations have shown,
however, that even when y is negative slope winds can be maintained and hence
transfer heat. However, as instability increases the slope-wind circulation becomes
less significant and the mesoscale flux decreases. This means that H;,, » decreases
with increasing absolute value of y. For this reason, and as the true relationship
between Hj,,  and y is not known for y < 0, we simply insert |y | instead of y in
Equation (27).

TABLE IV
Height above ground of the wind speed maximum used to calculate /.

Simulation Nmax (M)

Downslope wind Upslope wind
R,A,C,D,F 4.0 6.0
B 3.0 35

E 8.0 25.0
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Figure 8. Profiles of 0y, the temperature disturbance at the slope 0, the diffusivity for heat K gy near
the slope, and the sensible heat flux at the surface of the slope H( for simulations R and E at 0400
and 1000 LST. 6, K, and Hj are averages of the values at the western and eastern slopes.

4.3. COMPARISON OF RESULTS

The mesoscale heat flux profiles from the conceptual model are also shown in
Figures 4 to 6. Considering the simplifications made to derive Equation (27), the
assumption of a quite uniform /, and the somewhat arbitrary substitution of y by
|y, the profiles compare quite well with (w’6’),,. For instance, the distinction
between day and night and the position of the heat flux maximum are replicated
correctly. Larger differences occur during daytime in the lower part of the valley
and above the maximum. The first differences are attributed to y < 0 in which
case the use of Prandtl’s model leads to some deviations. In most cases, the agree-
ment is enhanced when y becomes positive. In the upper and lower regions of
the slope some of the conceptual assumptions, such as homogeneity of the slope,
are no longer satisfied. Additionally the conceptual model does not replicate the
very strong return flow and the associated strong negative values of w'6’ occurring
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in the KAMM simulations near the upper edge of the slope, which leads to an
overestimation of the mean mesoscale flux.

5. Summary and Conclusions

Slope winds are a very common phenomenon in mountainous or hilly terrain and
they are connected to the transport of mass and heat. The aim of this study was
to investigate how large the mesoscale heat flux induced by slope wind is, what
impact it may have, and which parameters affect this mesoscale flux.

The conceptual and numerical investigation of the net regional heat transport by

slope-wind circulation leads to the following conclusions:

The mesoscale vertical transport of sensible heat induced by slope-wind
circulations has a considerable impact on the atmosphere even above the
boundary-layer height. As a rule, the horizontally averaged mesoscale flux
is always positive. Increasing with height within the boundary layer, and
decreasing above, it produces cooling near the ground and heating higher
up. During daytime, this opposes the effect of the turbulent flux. During
nighttime, it leads to an additional stabilization, although the flux itself is
positive.
The mesoscale heat flux by slope winds may be as large as, or even larger
than, the absolute value of the turbulent flux at the same height and should
therefore be considered in GCMs.
A simple conceptual model of the mesoscale heat flux has been developed
in which the spatial mean over a valley or a GCM grid element, (w'6"),,
can be calculated as the mean over the slope wind layer (w8*)gsy, (Equation
(18)). With this model the mesoscale heat flux in a mesoscale domain can be
estimated from a few profile measurements in the valley and at the slope.
Profiles of w and 6* within the slope-wind layer can be input into our con-
ceptual model from Prandtl’s analytical slope-wind model, to calculate the
heat flux by the slope-wind circulation in a specified domain using only a few
parameters (Equation (27)).
According to Equation (27), the mesoscale heat flux induced by slope winds
is governed by the temperature deviation at the slope, the lapse rate in the
valley atmosphere, the depth of the slope-wind layer, and the topographical
wavelength. Further characteristics such as slope angle and roughness have
an indirect impact.
Results from observations and two-dimensional numerical simulations
showed that equation (27) gives a useful estimate of the magnitude, the tem-
poral variation, and the profiles of the mesoscale flux. Noppel (1999) shows
that this is also valid for a real three-dimensional case.

Thus, the questions and issues mentioned in Sections 1 and 3.1 could be

answered. Nevertheless, many other questions are still unsettled and new questions
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arise, for example: how can é, | or ny.x be determined in a large-scale model
and what about separation of scales? The effects of along-valley winds on the
mesoscale fluxes may also be important but were neglected in this study.

This study is only one first step but it has shown that the mesoscale fluxes
induced by thermally forced circulations in mountainous terrain are significant.
Therefore, more investigations on this subject are necessary. Future works should
also investigate in a similar way the mesoscale transport of moisture and air
pollutants by slope winds.
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